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Abstract Atmospheric nitrate (NO3
− = particulate NO3

− + gas‐phase nitric acid [HNO3]) and sulfate
(SO4

2−) are key molecules that play important roles in numerous atmospheric processes. Here, the
seasonal cycles of NO3

− and total suspended particulate sulfate (SO4
2−

(TSP)) were evaluated at the South
Pole from aerosol samples collected weekly for approximately 10 months (26 January to 25 October) in 2002
and analyzed for their concentration and isotopic compositions. Aerosol NO3

− was largely affected by
snowpack emissions in which [NO3

−] and δ15N(NO3
−) were highest (49.3 ± 21.4 ng/m3, n = 8) and lowest

(−47.0 ± 11.7‰, n = 5), respectively, during periods of sunlight in the interior of Antarctica. The seasonal
cycle of Δ17O(NO3

−) reflected tropospheric chemistry year‐round with lower values observed during
sunlight periods and higher values observed during dark periods, reflecting shifts from HOx‐ to O3‐

dominated oxidation chemistry. SO4
2−

(TSP) concentrations were highest during austral summer and fall
(86.7 ± 73.7 ng/m3, n = 18) and are indicated to be derived from dimethyl sulfide (DMS) emissions, as
δ34S(SO4

2−)(TSP) values (18.5 ± 1.0‰, n = 10) were similar to literature δ34S(DMS) values. The seasonal
cycle of Δ17O(SO4

2−)(TSP) exhibited minima during austral summer (0.9 ± 0.1‰, n = 5) and maxima
during austral fall (1.3 ± 0.3‰, n = 6) and austral spring (1.6 ± 0.1‰, n = 5), indicating a shift from HOx‐ to
O3‐dominated chemistry in the atmospheric derived SO4

2− component. Overall, the budgets of NO3
− and

SO4
2−

(TSP) at the South Pole were complex functions of transport, localized chemistry, biological activity,
and meteorological conditions, and these results will be important for interpretations of oxyanions in ice
core records in the interior of Antarctica.

1. Introduction

The interior of Antarctica is a unique region to study atmospheric chemistry because of its pristine nature,
distinctive climatology, and the potential influence of stratospheric dynamics on tropospheric chemistry
(Hill‐Falkenthal et al., 2013; McCabe et al., 2007; Savarino et al., 2007; Shaw, 1988; Wagenbach, 1996).
The region is also vital for paleoclimatology studies that relate trace gases (e.g. carbon dioxide [CO2],
methane [CH4], and nitrous oxide [N2O]) and aerosols, trapped in the polar ice, to past global climate shifts
and feedback mechanisms (Alexander et al., 2003; Augustin et al., 2004; Barnola et al., 1987; Legrand et al.,
1988; Leuenberger et al., 1992; MacFarling Meure et al., 2006; Röthlisberger et al., 2000). By measuring
changes in greenhouse gas concentrations and their stable isotopic compositions, it is possible to place con-
straints on the change in sources of these compounds over time (Craig et al., 1988; Friedli et al., 1986;
Leuenberger et al., 1992). This is because these gases have small photochemical removal rates, which gives
them a long atmospheric lifetime (~10–100 year). This allows them to be thoroughly mixed in the global tro-
posphere and incorporated into the ice before removal mechanisms can induce any noticeable isotopic frac-
tionation; thus, the change in isotopic composition can be related, bymass balance, to global source changes.

Interpreting the isotopic compositions of nitrate (NO3
−) and sulfate (SO4

2−) in ice is more complex because
both the aerosol and gaseous components of these compounds have atmospheric lifetimes that are consider-
ably shorter (days to weeks) relative to greenhouse gases. However, these are important oxyanions to study
because of the substantial role they play in the chemical activity of the atmosphere with important
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implications for climatic forcing and controls on the atmospheric oxidation budget (Arimoto et al., 2001;
Hauglustaine et al., 2014; Haywood & Boucher, 2000; Kiehl et al., 2000). NO3

− and SO4
2− are formed as

secondary products from the oxidation of precursor gases, nitrogen oxides (NOx = NO + NO2) and sulfur
dioxide (SO2). Primary sources of SO4

2− also exist including direct emission via sea salt particles. Due to
the conservedmass of sulfur (S) and nitrogen (N) between the precursor gases and the oxidized end‐products
of NO3

− and of SO4
2−, N (δ15N) and S (δ34S) isotopic compositions may serve as a proxy providing key infor-

mation about emissions sources of reduced N and S gases (Hastings et al., 2009; Heaton, 1990; Nielsen, 1974).
This may be a helpful tool to constrain N and S emissions sources that remain relatively unclear in the inter-
ior of Antarctica (Delmas, 2013; Legrand et al., 2017; Preunkert et al., 2008; Weller et al., 2018). In contrast,
the oxygen (O) isotopic composition (δ18O & Δ17O) is associated with the incorporation of oxygen atoms
from various atmospheric oxidants, as gaseous precursors (i.e., NOx and SO2) are oxidized to NO3

− or
SO4

2− (Alexander et al., 2005; Michalski et al., 2003). The number of isotopic studies of NO3
− or SO4

2− in
polar regions are relatively meager but have received increased attention in recent years, and interpretations
of the isotopic signals continue to evolve (Erbland et al., 2013; Frey et al., 2009; Hill‐Falkenthal et al., 2013;
Ishino et al., 2017; McCabe et al., 2007; Savarino et al., 2007, 2016). However, to utilize stable isotopes in
NO3

− and SO4
2− in a paleoclimate context (i.e., ice core studies) in the interior of Antarctica, we must have

a better understanding of the isotopic signatures of these molecules in the polar atmosphere.

Isotopic compositions of NO3
− can be a useful way to understand sources and oxidation pathways respon-

sible for its formation. Previous works in Antarctica have indicated snowpack photolysis and localized recy-
cling, continental transport, and stratospheric inputs as important sources of NO3

− (Savarino et al., 2007).
Snowpack NO3

− photolysis plays an important role in polar environments, initiating a rapid recycling of
NO3

− (i.e., snowpack loss as NOx, oxidation, and deposition; Davis et al., 2008; Erbland et al., 2013; Frey
et al., 2009), but does not represent a new source of NO3

− to Antarctica. Long‐range transport of
continental‐ (δ15N = 2.5±12.5‰; Elliott et al., 2009; Freyer, 1978; Heaton, 1987) and stratospheric‐sourced
(δ15N = 19±3‰; Savarino et al., 2007) NO3

− are isotopically distinct from locally recycled NO3
− (δ15N =

−32.7±8.4‰; Savarino et al., 2007). 15N depleted NO3
− originating from snowpack photolysis is due to the

large fractionation (15ε~48‰; Berhanu et al., 2015; Berhanu et al., 2014), during photolysis in
austral summer.

Oxidation pathways during NO3
− formation may be evaluated using Δ17O data (McCabe et al., 2007;

Michalski et al., 2003; Morin et al., 2007, 2009; Savarino et al., 2007). During NOx oxidation, O atoms of
the responsible oxidants are incorporated into the product NO3

−. Tropospheric ozone (O3) has an elevated
Δ17O(O3bulk) near 26‰ (Johnston & Thiemens, 1997; Krankowsky et al., 1995; Vicars et al., 2012; Vicars &
Savarino, 2014), with the transferrable O atom of O3 associated with the terminal end of O3 (O3term) posses-
sing a Δ17O(O3term) of 39.3±2.0‰ (Vicars & Savarino, 2014). This contrasts with most other atmospheric
O‐bearing molecules including molecular oxygen (O2), water (H2O), and peroxy radicals (RO2 or HO2) that
have Δ17O values near 0‰ (Barkan & Luz, 2005). These differences provide quantitative measures to
evaluate NOx oxidation chemistry involving various contributions from O3, HOx, ROx, and XO (where X
= bromine [Br] or chlorine [Cl]) oxidation pathways (Michalski et al., 2003) and to compare modeled forma-
tion pathways (Alexander et al., 2009) with direct observations (Morin et al., 2008; Savarino et al., 2013). The
Δ17O observed in NO3

− is a balance between the Δ17O of NO2 and the subsequent oxidation pathway result-
ing in NO3

−. The Δ17O of NO2 should reflect NOx photochemical cycling between NO‐O3‐RO2 (or HO2),
resulting in expected values near 28‰ to 39‰ (Morin et al., 2011), representing a NO + O3 branching ratio
of 0.72 to 1.0. Post‐NO2 reaction pathways have been assumed to reflect O isotopic mass balance with the
associated oxidants, which has been derived in previous works (Alexander et al., 2009; Ishino et al., 2017;
Michalski et al., 2003; Morin et al., 2009). Based on this framework, the NO2 + OH pathway is expected
to produce the lowest Δ17O(NO3

−) values (17.3‰ to 25.1‰), while volatile organic compound (VOC) hydro-
gen abstraction by the nitrate radical (NO3 + VOC) and XONO2 hydrolysis are expected to produce the
highest Δ17O(NO3

−) values (38.0‰ to 42.3‰) (Table 1; Morin et al., 2011). Thus, Δ17O(NO3
−) may be useful

to further understand oxidation chemistry involving NO3
− in sensitive polar environments.

Previous studies have indicated marine biogenic sulfur, sea salt, continental transport (i.e., derived
from mineral, continental biogenic, and anthropogenic sources) and stratospheric inputs to be important
SO4

2− sources to the interior of Antarctica (Arimoto et al., 2001; Hill‐Falkenthal et al., 2013). These sources
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have reported δ34S signatures of 18.6±1.9‰ for dimethyl sulfide (DMS; Patris et al., 2002; Sanusi et al., 2006),
21±0.1‰ for sea salt SO4

2− (Rees et al., 1978), 3±3‰ for continental SO4
2− (Jenkins & Bao, 2006; Li &

Barrie, 1993; Norman et al., 1999), and 2.6±0.3‰ for stratospheric SO4
2− (Castleman et al., 1974), respec-

tively. These relatively distinctive δ34S source signatures offer the possibility to constrain the SO4
2− budget

in the interior of Antarctica.

Δ17O analysis of SO4
2− is a well‐established tool for assessing SO2 oxidation pathways (Alexander et al.,

2005; Jenkins & Bao, 2006; Lee & Thiemens, 2001; Savarino et al., 2000). Atmospheric SO2 rapidly attains
isotopic equilibrium with H2O (Holt et al., 1981). Thus, any Δ17O signature observed in SO4

2− derives from
SO2 oxidation and can be used to assess the relative importance of SO2 oxidation pathways, allowing for an
understanding of the relative importance of aqueous‐phase and gas‐phase oxidation (Alexander et al., 2005,
2009; Dominguez et al., 2008; Hill‐Falkenthal et al., 2013; Lee & Thiemens, 2001; Savarino et al., 2003).
Gas‐phase oxidation via OH will result in a Δ17O(SO4

2‐) of 0‰ when isotopic equilibrium with H2O is
reached. Previous works have shown that the Δ17O signature of O3(bulk) (26‰; Vicars & Savarino, 2014)
and hydrogen peroxide (~1.7‰; Lyons, 2001; Savarino & Thiemens, 1999) are partially transferred into
SO4

2− based on O mass balance resulting in Δ17O(SO4
2−) values near 6.5‰ and 0.8‰, respectively.

However, we note that if O atom transfer occurs from O3(term) as indicated by ab initio results (Liu et al.,
2001), then the S (IV) (=SO2·H2O + HSO3

− + SO3
2−) + O3 oxidation pathway could have a Δ17O as high

as 9.3–10.6‰ (Table 1). Other potentially important aqueous‐phase S (IV) oxidation pathways include
aqueous metal‐catalyzed O2 oxidation, which results in estimated Δ17O(SO4

2−) of −0.1‰ (Barkan & Luz,
2005) and S (IV) oxidation via hypohalous acids (HOX = HOBr + HOCl) with an expected Δ17O(SO4

2−)
of 0‰ due to rapid equilibrium with H2O (Chen et al., 2016; Fogelman et al., 1989; Troy & Margerum,
1991). Tropospheric S (IV) oxidation via O3 is the only mechanism producing SO4

2− with Δ17O values
>1‰, allowing for quantitative evaluation of the relative contribution of O3 during SO4

2− formation
(Table 1). Aqueous‐phase formation of SO4

2− is highly dependent upon pH, liquid water content, and avail-
ability of oxidants (Pandis & Seinfeld, 1989). The O3 oxidation pathway is important primarily when the
liquid water content is large, and the solution pH is above 5 (Liang & Jacobson, 1999). Therefore,
Δ17O(SO4

2−) can provide useful observational constraints on the oxidation dynamics involving S(IV).

Previous isotopic studies have reported the Δ17O(NO3
−) at the coast of Antarctica (Ishino et al., 2017;

Savarino et al., 2007) and in the interior of Antarctica (Erbland et al., 2013; Frey et al., 2009; McCabe
et al., 2007; Savarino et al., 2016), generally finding a distinctive Δ17O seasonal cycle that reflects the higher
relative contribution of O3 oxidation and/or stratospheric input during the austral winter and increased HOx

+ ROx oxidation during the austral summer. Previous Antarctica δ15N(NO3
−) measurements indicate a dis-

tinctive seasonal cycle driven by localized snowpack emissions during periods of sunlight (Erbland et al.,
2013; Frey et al., 2009; Savarino et al., 2007). Studies of Δ17O(SO4

2−) at Dumont d'Urville (DDU; Ishino
et al., 2017) and Dome C (Hill‐Falkenthal et al., 2013) also indicate seasonal cycles reflecting shifts in gas‐
phase to aqueous‐phase oxidation (Hill‐Falkenthal et al., 2013). However, the oxidation dynamics involving
NO3

− and SO4
2− over Antarctica, particularly in the interior, are far from solved (Hill‐Falkenthal et al., 2013;

Table 1
Summary of NO3

− and SO4
2− Oxidation Pathways and Their Expected Δ17O Values (Adapted From Ishino et al., 2017)

Species Oxidation pathway Δ17O(oxidant)(‰) Transferring factor Δ17O product(‰)

NO3
− NO2 + OH 0 (OH) 2/3(NO2) 17.3–25.1

N2O5 hydrolysis (37.3–42.3) (O3term), 0 (H2O) 2/3(NO2) + 1/6(O3term) 31.0–35.2
NO3 + VOC (37.3–42.3) (O3term) 2/3(NO2) + 1/3(O3term) 38.0–42.3

XONO2 hydrolysis (37.3–42.3) (BrO) 2/3(NO2) + 1/3(BrO) 38.0–42.3
SO4

2− SO2 + OH 0 (OH) 0 0
SO3

2− + O3(aq) 37.3–42.3 (O3term) 1/4(O3term) 9.3–10.6
HSO3

− + H2O2 (aq) 1.6 (H2O2) 1/2(H2O2) 0.8
SO3

2− + O2(cat. Fe, Mn) −0.3 (O2) 1/4(O2) −0.1
SO3

2− + HOX + H2O 37.3–42.3 (HOX) — 0

Note. Δ17O values of NO3
− are estimated based on box model results of Morin et al. (2011). Δ17O values of SO4

2− are adapted based on calculations from
Savarino et al. (2000).
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Savarino et al., 2016). Additionally, Δ17O(SO4
2−) from snow pit samples at the South Pole has recently been

shown to have large interannual variation related to El Nino Southern Oscillations events (Shaheen et al.,
2013). To improve understanding of the dynamics associated with NO3

− and SO4
2− aerosols in the interior

of Antarctica, here we present concentration and δ15N, δ34S, δ18O, and Δ17O measurements of atmospheric
NO3

− and total suspended particulate SO4
2− (SO4

2−
(TSP)) collected at the South Pole for approximately 10

months in 2002. The dynamics of NO3
− and SO4

2−
(TSP) are assessed in terms of source changes (δ15N and

δ34S) and oxidation chemistry (Δ17O & δ18O). These data will be useful for understanding the seasonal
cycling of NO3

‐ and SO4
2−

(TSP) concentrations in the atmosphere at the South Pole, which is unique in
lacking a diurnal solar radiation cycle, in contrast to Dome C or coastal Antarctic sites.

2. Materials and Methods
2.1. South Pole Atmospheric Conditions

Antarctica has a unique climate andmeteorology that has important implications for atmospheric chemistry
as previously well described (Davis et al., 2004; Helmig et al., 2007; Hill‐Falkenthal et al., 2013; Legrand
et al., 2009; Stohl & Sodemann, 2010; Wendler & Kodama, 1984). The South Pole is 2,836 m above sea level
on the interior high plateau, from which the continent slopes downward toward its perimeter (Wendler &
Kodama, 1984). There are 6 months of continuous sunlight and 6 months without sunlight. This cycle in
sunlight can have a strong influence on chemistry driven by photolysis, in which these reactions shut down
during the austral winter and can play an important role on localized concentrations of atmospheric
oxidants that are often driven by photolysis reactions. Solar radiation is similar during both austral spring
and fall; however, due to the buildup of photolabile molecules during the austral winter, solar radiation
returning in the austral spring can create a different chemical environment in comparison to austral fall.
In addition, greater amounts of UV radiation reach the troposphere during the austral spring due to the
annual occurrence of stratospheric O3 depletion during the early austral spring. The 2002 O3 hole was rela-
tively small compared to the previous 6 years and split into two holes at the end of September due to the
appearance of sudden stratospheric warming (Varotsos, 2002). Data from the South Pole Station
Meteorology Office (http://amrc.ssec.wisc.edu/usap/southpole/) indicate (1) South Pole surface tempera-
tures have a typical annual range between −76 and −18 °C with a mean annual temperature of −49.5 °C,
(2) there are strong surface inversions especially during the austral winter, (3) there is generally very little
precipitation in Antarctica's interior and the majority consists of ice crystals or diamond dust, and (4) winds
are generally light compared to the coastal regions of Antarctica, and the prevailing direction is from
grid north.

2.2. Aerosol Collection

Aerosols were collected on precleaned 20.3 × 25.4 cm glass fiber filters fitted onto a high‐volume air sampler
from 26 January to 25 October in 2002. The glass fiber filter is assumed to collect total atmospheric nitrate
(aerosol NO3

− and HNO3(g)) as previously suggested (Frey et al., 2009). The sampler was located on the roof
of the Atmospheric Research Observatory (elevation ~2,850 m), which is in the designated clean air sector
roughly 1 km upwind of the South Pole Observatory (SPO; 90.00°S, 59.00°E). The clean upwind air is
expected to be representative of the true mixed background atmosphere over Antarctica with minimal influ-
ence from anthropogenic contamination from the station. Aerosols were collected for 7‐day periods with a
flow rate of 1 m3/min at standard temperature and pressure, yielding an average pumped air volume of
10,080 m3 per collected sample. Filters were kept frozen after collection and during shipment to
University of California San Diego for subsequent chemical and isotopic analysis.

2.3. Anion Concentrations and Isotopic Characterization

Water‐soluble aerosol compounds were extracted from the filters using 100 ml of Millipore water and
mechanical shaking for 10 min. Filter extracts were analyzed for NO3

−, and SO4
2− concentrations by ion

chromatography (Dionex 2020i). Filter NO3
− and SO4

2− blanks never exceeded 2% of the sample; thus, blank
corrections were neglected for these species. Based on the concentrations, multiple filters were combined by
date to ensure ~8 μmol of NO3

− and SO4
2− were available for isotopic analysis. Typically, sea salt SO4

2−

(ss‐SO4
2−) contribution in a sample can be calculated by assuming it is the source of sodium (Na+)

with the ratio of SO4
2− to Na+ in sea water (i.e., (SO4

2−/Na+)sea salt ~ 0.25) and the non‐sea salt SO4
2−
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(nss‐SO4
2−) contribution can be determined by difference (nss‐SO4

2− = [SO4
2‐](TSP) – [ss‐SO4

2−]; e.g., Patris
et al., 2000). However, adjustments for ss‐SO4

2− were not made in the current study because of high and
variable Na+ filter blanks. Previous aerosol SO4

2− measurements in the interior of Antarctica (Dome C)
have indicated a relative minor contribution from sea salt SO4

2− of 3.9 to 6.7% during the austral summer
(15 January to 15 March 2010) with an increasing relative contribution during austral winter of 31.7% to
33.6% (15 May to 15 August 2010; Hill‐Falkenthal et al., 2013). We report SO4

2−
(TSP) (sea salt + secondary

SO4
2−) and note that the sea salt SO4

2− contribution is expected to be relatively small, particularly during
the austral summer, but somewhat higher during austral winter.

The O isotope ratios of NO3
− and SO4

2− were determined using the thermal decomposition method
(Michalski et al., 2002; Savarino et al., 2001). Briefly, the filter extracts were pumped into a high‐capacity
anion trapping column (Dionex AG15) that was attached to the injection valve of a Dionex 2020i ion chro-
matograph, equipped with an anion analytical column (AS9‐HC) and an H+ suppressor membrane column.
A 260‐mM sodium hydroxide eluent solution was diluted 1:30 with Millipore water and flowed through the
system at 0.8 ml/min. Peaks were detected by an online conductivity detector. Three distinct peaks were
eluted over a 30‐min separation period representing organic/methanesulfonic acid (MSA)/Cl− (14 min),
NO3

− (23 min), and SO4
2− (30 min). Owing to the H+ suppressor membrane column, the sample ions left

the system in their acid forms while the hydroxide eluent was neutralized. The separated H2SO4 and
HNO3 were further processed through an off‐line cation exchange membrane in silver (Ag+) form to gener-
ate silver nitrate (AgNO3) and silver sulfate (Ag2SO4) solutions (10ml) that were then freeze dried. The silver
salts were rehydrated with 70 μl of Millipore water and pipetted into silver boats or precombusted quartz
boats, which were then freeze dried. The AgNO3 and Ag2SO4 were then thermally decomposed to evolve
O2 gas that was then analyzed by a dual‐inlet isotope ratio mass spectrometer (IRMS). Based on standards
of the same size that were processed in a similar manner, the precision of the analysis is ±0.2‰ for Δ17O
and ±2.0‰ for δ18O for both NO3

− and SO4
2−. Sample O isotopic data was normalized to reference materi-

als as previously described (Michalski et al., 2002; Savarino et al., 2001).

During the thermal decomposition of the silver salts, liquid nitrogen traps cryogenically removed the product
gases, NO2(g) and SO2(g) (Michalski et al., 2002; Savarino et al., 2001). The NO2(g) aliquots were cryogenically
transferred to evacuated glass tubes that were flame sealed and sent to the U.S. Geological Survey (USGS) in
Reston, Virginia, for δ15N analysis. Additional aliquots of NO2(g) produced from the nitrate isotopic reference
material USGS35 were prepared similarly but at a later date. At USGS, sealed tubes containing NO2(g) were
cracked under vacuum, and theNO2was transferred cryogenicallywith liquidN2 to quartz glass tubes contain-
ing copper (Cu), copper(I) oxide (Cu2O), and calcium oxide (CaO), which were then flame sealed and baked at
850 °C and cooled slowly to convert NO2(g) to N2 and remove traces of H2O and CO2 (Böhlke et al., 1993). The
baked tubes were cracked under vacuum at the inlet to a dual‐inlet IRMS, and the N2 was analyzed against ali-
quots of N2 prepared directly from nitrate isotopic reference materials RSIL‐N55 (+3.6‰) and USGS32
(+180‰) with reproducibility of ±0.1% to 0.2‰. Overall δ15N uncertainties may have been larger because of
potential fractionation effects caused by incomplete NO2 production and (or) cryogenic trapping, as N yields
were calculated to range from 45% to 103%with an average of 62±18‰ (n= 9; Table S1 in the supporting infor-
mation). NO2 aliquots generated fromUSGS35 a year later had substantially lower yields relative to the amount
of thermal decomposed NO3

− (16% to 29%) and low apparent δ15N (−14.0 ± 0.1‰), compared to the reported
reference value of +2.7‰. If this apparent δ15N offset was caused by fractionation that was related to N yield,
and that also affected the samples analyzed earlier, then it is possible the apparent sample δ15N values were too
low by varying amounts on the order of 0 to 8‰. Nonetheless, there was only a weak correlation between δ15N
and N yield among the samples (coefficient of variation [R2] = 0.19), and the range of values was large and
exhibited a strong seasonal pattern (see section 3.2.1) that was independent of yield. Residual SO2(g) from ther-
mal decomposition was oxidized to SO4

2− using a 30% hydrogen peroxide solution and precipitated as barium
sulfate (BaSO4). The BaSO4wasmixedwith vanadiumoxide (V2O5), and δ

34Swas determinedusing an elemen-
tal analyzer interface and continuous flow IRMS, with standard deviations of approximately ±0.3‰, based on
replicate analysis of international standard reference materials.

All isotopic compositions are reported relative to reference standards using delta (δ) notation in units of per
mil (‰; equation (1)):
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δ ‰ð Þ ¼ 1000
Rsamp

Rref
−1

� �
; (1)

where R refers to the ratio of the heavy to the light isotope (i.e., 15N/14N,
34S/32S, 17O/16O, and 18O/16O) for the sample or reference, respectively.
Atmospheric nitrogen (N2), Vienna Cañon Diablo troilite, and Vienna
Standard Mean Ocean Water are the established international delta‐scale
references for N, S, and O, respectively. Oxygen isotope mass‐
independence (Δ17O) was quantified using the linear definition with a
mass‐dependent coefficient of 0.52, which is approximately representative
of O mass‐dependent coefficients expected and observed in nature
(equation (2)):

Δ17O ¼ δ17O−0:52×δ18O: (2)

We note that the exact O mass‐dependent coefficient will depend on spe-
cific equilibrium or kinetic processes, which will have different ln(1 +
δ17O) versus ln(1 + δ18O) relations with slopes between 0.5 and 0.531
(Young et al., 2002). However, a coefficient of 0.52 was chosen to be con-
sistent with similar previously published works (Alexander et al., 2004;
Michalski et al., 2003; Morin et al., 2007; Savarino et al., 2007) and because
it represents a reasonable average of O mass‐dependent coefficients
expected and observed in nature (Barkan & Luz, 2003; Kaiser et al.,
2004; Weston, 2006).

2.4. Complementary Analysis

Air mass back trajectories arriving at the South Pole were analyzed using
National Oceanic and Atmospheric Administration's HYSPLIT model
(Stein et al., 2015). The model was initiated using the National Center
for Environmental Prediction and the National Center for Atmospheric
Research global reanalysis data archive meteorology in a regular 2.5° ×
2.5° longitude‐latitude grid. The 7‐day backward trajectories were com-
puted for air masses arriving at the South Pole at an altitude of 3,000 m
above sea level every 5 days for the entire sampling period (26 January
to 25 October 2002). The tropospheric lifetimes of NO3

− and SO4
2−

typically are on the order of a few days up to a couple of weeks in the free
troposphere (Adams et al., 1999; Levy et al., 1999). However, trajectories tend to become increasingly uncer-
tain the further back in time they are used. A duration of 7 days was chosen as a balance between higher
certainty and the expected atmospheric lifetime of NO3

− and SO4
2− aerosols. Ancillary data including tem-

perature, relative humidity, solar irradiance, and [O3] data for 2002 were obtained from the SPO (National
Oceanic and Atmospheric Administration; https://www.esrl.noaa.gov/gmd/dv/data/index.php?site=SPO)
and used for statistical analysis.

3. Results
3.1. Concentrations

Weekly measured [NO3
−] and [SO4

2−](TSP) in 2002 are displayed in Figures 1 and 2, respectively. Overall,
[NO3

−] and [SO4
2−](TSP) ranged from 3.6 to 87.2 ng/m3 and 6.5 to 266.3 ng/m3, respectively. Linear regres-

sion correlations between measured concentrations and reported ancillary data (averaged over 1‐week aero-
sol collection periods) were reported separately for [NO3

−] and [SO4
2−](TSP) as correlation matrices in the

supporting information (Tables S2 and S3). Overall, a strong positive correlation was found between
[NO3

−] and solar irradiance (R2 = 0.59), while the temperature was positively correlated with [SO4
2−](TSP)

(R2 = 0.67; Tables S2 and S3). Temporal analyses of [NO3
−] and [SO4

2−](TSP) indicated similar seasonal
cycles, in which concentrations were generally highest during the austral summer and lowest during

Figure 1. Seasonal variation of atmospheric NO3
− collected at the South

Pole in 2002 including (a) concentrations, (b) Δ17O(NO3
−), (c)

δ18O(NO3
−), and (d) δ15N(NO3

−). A comparison between previously
reported NO3

− concentrations and Δ17O from aerosols collected at the
South Pole (12/1/03 to 12/01/04) is shown in a and b (McCabe et al., 2007).
Ranges of potential δ15N (NO3

−) sources are indicated in d, including stra-
tospheric inputs (19±3‰; Savarino et al., 2007), long‐range transport of
continental NO3

− derived from anthropogenic emissions (2.5±12.5‰;
Elliott et al., 2009; Freyer, 1978; Heaton, 1987), and localized recycling of
NO3

− during periods of snowpack photolysis (−32.7±8.4‰; Savarino et al.,
2007). Periods of constant sunlight and darkness at the South Pole are
separated by the black dashed lines. Isotopic data for composite samples are
plotted at the collection starting point (Table 2).
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austral winter (Figures 1 and 2). However, because [NO3
−] and [SO4

2−]

(TSP) were not strongly correlated (R2 = 0.29), we present their results
separately. The 7‐day back trajectory analysis indicated that SP air masses
derived from the interior of Antarctica (Figure 3). Slight seasonal varia-
tions were observed in which some austral fall (April to July) and austral
winter (July to October) air masses traveled over the northern coastal
regions of Antarctica before arriving at SPO, while air masses in austral
summer (January to April) and austral spring (October to sampling end
[25 October 2002]) circulated entirely over the interior of Antarctica
(Figure 3). The back trajectories indicated that the air masses traveled
almost entirely at an elevated altitude (generally above 2,500 m above
sea level) before arriving at the South Pole (representative trajectories
are provided in Figure S1).
3.1.1. [NO3

−]
At the beginning of the year (January to March), [NO3

−] reached a max-
imum concentration of 86.2 ng/m3 in late January and then decreased
rapidly to a baseline concentration of approximately 5.0 ng/m3 in early
March. This strong decline in [NO3

−] overlapped with decreasing local
solar irradiance. The background [NO3

−] was maintained until early
July, after which [NO3

−] concentrations slowly increased until the end
of the sampling period (25 October 2002). The observed seasonal pattern
in [NO3

−] is similar to that previously reported for atmospheric NO3
−

collected at the South Pole (McCabe et al., 2007), Dome C (Erbland
et al., 2013; Frey et al., 2009), and along the coast of Antarctica at DDU
(Ishino et al., 2017; Savarino et al., 2007). The peak in [NO3

−] at the
South Pole was previously observed to occur in early January (McCabe
et al., 2007), while our record indicated a peak in early February
(Figure 1). We note that our record does not represent a complete yearlong
study and samples were not collected during early January. Possible
differences in the peak [NO3

−] observed at the South Pole are therefore
difficult to compare between these two records.
3.1.2. [SO4

2−](TSP)
At the beginning of the year, [SO4

2−](TSP) was relatively elevated and
reached a maximum of 211.4 ng/m3 during mid‐February and then slowly
decreased to a baseline value of approximately 15 ng/m3 in late April. This

baseline [SO4
2−](TSP) concentration was maintained until mid‐September. Subsequently, [SO4

2−](TSP)
increased slightly and reached a value of 67.5 ng/m3 in the final sample (25 October 2002). The observed
[SO4

2−] seasonal cycle was consistent with previously reported measurements at Dome C (Hill‐Falkenthal
et al., 2013) and at DDU (Ishino et al., 2017).

3.2. Isotopic Compositions
3.2.1. Nitrate
Nine measurements of the isotopic composition of NO3

− were made from the collected samples and are sum-
marized in Table 2 with SPO data (https://www.esrl.noaa.gov/gmd/dv/data/index.php?site=SPO). We note
that often several filters were combined to provide enough material (~8 μmol) for isotopic analysis (Table 2),
resulting in relatively coarse seasonal resolution, particularly during austral winter when [NO3

−] was low.
The δ15N(NO3

−) values ranged from −60.8‰ to 10.5‰ (Figure 1), approximately consistent with previous
δ15N measurements of NO3

− collected in coastal Antarctica that ranged from −46.9‰ to 10.8‰ (Savarino
et al., 2007) and at Dome C that ranged from −35‰ to 13‰ (Frey et al., 2009), which generally fell within
the ranges of the expected NO3

− sources including snowpack photolysis and localized recycling
(−32.7±8.4‰; Savarino et al., 2007), long‐range transport of continental NO3

− (2.5±12.5‰; Elliott et al.,
2009; Freyer, 1978; Heaton, 1987), and stratospheric inputs (estimated 19±3‰; Savarino et al., 2007; Figure 1
). Multifactorial analysis indicated negative correlations between δ15N and [NO3

−] (R2 = 0.59) and solar

Figure 2. Seasonal variations of atmospheric SO4
2−

(TSP) collected from
aerosols in 2002 at the South Pole including (a) concentrations,
(b) Δ17O(SO4

2−
(TSP)), (c) δ

18O(SO4
2−

(TSP)), and (d) δ34S(SO4
2−

(TSP)).
A comparison between previously reported SO4

2−
(TSP) concentrations and

Δ17O(SO4
2−

(TSP)) from aerosols collected at Dome C (2010) is shown in a
and b (Hill‐Falkenthal et al., 2013). Ranges of typical δ34S(SO4

2−) sources
are indicated in d, including sea salt SO4

2− (21±0.1‰; Rees et al., 1978),
dimethyl sulfide (DMS; 18.6±1.9‰; Patris et al., 2002; Sanusi et al., 2006),
continental SO4

2− (3±3‰; Jenkins & Bao, 2006; Li & Barrie, 1993; Norman
et al., 1999), and stratospheric SO4

2− inputs (2.6±0.3‰; Castleman Jr et al.,
1974). Periods of constant sunlight and darkness at the South Pole are
separated by the black dashed lines. Isotopic data for composite samples are
plotted at the collection starting point (Table 3).
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irradiance (R2 = 0.55) (Table S2). These correlations likely explain the δ15N(NO3
−) seasonal cycle observed in

Figure 1, inwhich the lowest δ15N(NO3
−) values occurred during periods of sunlight, indicating the importance

of snowpack emissions and localized photochemical recycling, while highest δ15N(NO3
−) occurred during

periods of darkness (Figure 1). This pattern was similar to the seasonal variability previously reported at the
coast (Savarino et al., 2007) and in the interior of Antarctica (Erbland et al., 2013; Frey et al., 2009).

Large variability was observed in δ18O(NO3
−) and Δ17O(NO3

−) that ranged from 47.0‰ to 95.1‰ and 21.8‰
to 41.1‰, respectively (Figure 1). These values were consistent with previously reported NO3

−

Figure 3. Hybrid Single‐Particle Lagrangian Integrated Trajectory 7‐day back trajectory analysis at the South Pole
Observatory (90.00°S, 59.00°E; indicated by a star) for our sampling period of 26 January to 25 October 2002 and sorted
by season. Maps are oriented grid north (prime meridian) in the upward direction.

Table 2
Summary of Average [NO3

−] (at STP), Temperature (Temp), Relative Humidity (RH), Solar Radiation, and [O3], for Each Collection Period Corresponding to NO3
−

Isotopic Composition Measurement (See Text for Details)

Collection date Avg [NO3
−] (ng/m3) Temp (°C)a RH(%)a Solar Irradiance (W/m2)a [O3] (ppbv)

a δ15N(±0.2‰)b δ18O(±2‰) Δ17O(±0.2‰)

02/01‐02/09 (1) 87.2 −37.2±0.9 66.6±1.7 305.9±35.9 22.1±3.4 −46.3 51.0 27.9
02/09‐02/16 (1) 53.0 −37.9±3.1 70.6±5.7 228.9±46.9 20.9±1.1 −53.0 53.5 28.0
02/16‐02/23 (1) 24.0 −41.1±6.9 69.1±5.3 184.3±32.9 20.2±1.1 −49.4 47.0 26.9
03/22‐04/19 (4) 5.9 −51.6±9.8 66.2±5.8 0.2±1.1 23.3±1.2 −5.9 58.7 21.8
05/24‐06/28 (5) 5.9 −59.4±8.7 64.1±6.0 0±0 32.3±1.1 −5.1 80.4 25.6
08/02‐08/23 (3) 11.7 −55.7±10.0 65.2±6.1 0±0 34.5±1.3 10.5 95.1 41.1
09/06‐09/20 (2) 21.2 −57.3±6.8 63.4±3.9 0.1±1.0 33.1±1.1 4.6 75.9 32.3
10/11‐10/18 (1) 25.3 −55.1±1.8 64.2±2.6 27.1±57.9 30.9±1.3 −25.7 84.6 31.4
10/18‐10/25 (1) 67.6 −48.3±2.8 69.7±3.3 65.7±79.0 31.4±0.8 −60.8 69.0 32.4

Note. Parentheses indicate the number of weekly collected filter samples combined for isotopic analysis.
aData obtained from the South Pole Observatory (NOAA; https://www.esrl.noaa.gov/gmd/dv/data/index.php?site=SPO); reported as x

_
±1σ for the specified col-

lection period. bSee section 2.3 for discussion of δ15N uncertainties.
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measurements in coastal Antarctica that ranged from 60‰ to 111‰ and
20.0‰ to 43.1‰ for δ18O and Δ17O, respectively (Savarino et al., 2007),
and in the interior of Antarctica (Erbland et al., 2013; Frey et al., 2009).
Multifactorial analysis indicated strong correlations of δ18O with tempera-
ture (R2 = 0.72) and O3 mixing ratio (R2 = 0.87; Table S2). These correla-
tions may be linked by the strong δ18O(NO3

−) seasonal pattern, in which
values were lowest during the late austral spring and austral summer and
highest during austral winter and early austral spring. A comparison
between δ18O and Δ17O indicated a modest positive linear correlation
(R2 = 0.46; Table S2). This modest correlation might indicate that the O
isotopic composition of the collected NO3

− was not a simple mixture
between two atmospheric oxidants as previously observed at DDU
(Savarino et al., 2007) and Summit, Greenland (Fibiger et al., 2016), but
instead may have been influenced by multiple atmospheric oxidants with
different δ18O and Δ17O values that were incorporated into atmospheric
NO3

− through NOx oxidation (Michalski et al., 2012; Figure 4).
3.2.2. Sulfate
Measured δ34S(SO4

2−)(TSP) values ranged from 11.9‰ to 21.2‰ (Table 3).
We note that multiple filter samples were often combined, particularly
during austral winter, to provide enough sample for isotopic analysis
(Table 3). The observed δ34S(SO4

2−)(TSP) range was similar to that
reported recently for δ34S(nss‐SO4

2−) in the Southern Ocean of 6.0‰ to
19.0‰ (Li et al., 2018). These ranges are bracketed by the δ34S values of

the presumed major SO4
2− sources including DMS emissions = 18.6±1.9‰ (Patris et al., 2002; Sanusi

et al., 2006), sea salt SO4
2− = 21±0.1‰ (Rees et al., 1978), continental SO4

2− (3±3‰; Jenkins & Bao,
2006; Li & Barrie, 1993; Norman et al., 1999), and stratospheric SO4

2− = 2.6±0.3‰ (Castleman Jr et al.,
1974). δ34S(SO4

2−)(TSP) had a distinct seasonal cycle, with highest values (17.7‰ to 21.2‰) near the begin-
ning of the year between January and April. After reaching a peak value of 21.2‰ at the beginning of April,
δ34S(SO4

2−)(TSP) decreased to baseline value between 13‰ and 15‰ that remained relatively constant with
an average of 13.9 ± 1.2‰ (n = 8) until our collection period ended (mid‐October).

Measured Δ17O(SO4
2−)(TSP) values had a narrow range from 0.8‰ to 1.8‰ (Table 3). Peaks in

Δ17O(SO4
2−)(TSP) occurred from March to May and from August to mid‐October with average values

of 1.4 ± 0.2‰ (n = 4) and 1.6 ± 0.1‰ (n = 3), respectively. Because these values are greater than
1‰, contributions from O3 aqueous‐phase oxidation pathway are expected (Alexander et al., 2005;
Table 3). The Δ17O(SO4

2−)(TSP) record was similar to that previously observed at Dome C (Hill‐
Falkenthal et al., 2013) after adjustments to account for sea salt influence to be consistent with our data
(Figure 2). Measured δ18O(SO4

2−)(TSP) values ranged from −12.8‰ to 8.5‰ (Table 3). Generally,
δ18O(SO4

2−)(TSP) was lowest during austral summer and highest during austral winter (Figure 2).
Values of δ18O(SO4

2−)(TSP) and Δ17O(SO4
2−)(TSP) were weakly correlated (R2 = 0.11; Table S3), possibly

indicating that δ18O(SO4
2−)(TSP) and Δ17O(SO4

2−)(TSP) were influenced by mixing between SO2 sources
and reactions with several different atmospheric oxidants (e.g., O3, O2, and H2O2), as well as by mixing
of primary (e.g., sea salt) and secondary SO4

2−, as previously indicated for South Pole snow pit samples
(Shaheen et al., 2013). However, quantitative interpretation of δ18O(SO4

2−)(TSP) was difficult due to iso-
topic equilibration between SO2 and H2O vapor that is quickly achieved (Holt et al., 1981). Therefore, the
oxidation dynamics involving SO4

2−
(TSP) were evaluated utilizing only Δ17O(SO4

2−)(TSP).

4. Discussion
4.1. NO3

− Seasonal Cycle
4.1.1. δ15N(NO3

−)
The correlations between solar irradiance and [NO3

−] (R2 = 0.59) and δ15N(NO3
−) (R2 = 0.55) indicated that

localized snowpack photolysis played a key role in controlling NO3
−, which has important implications for

the oxidative environment at the South Pole (Chen et al., 2004). During periods of sunlight, [NO3
−] was

Figure 4. Relations between δ18O and Δ17O for collected NO3
− sorted by

season displayed with the high δ18O‐Δ17O end‐member, O3(term.)/XO
(indicated by the black rectangle; δ18O = 95–115‰; Johnston & Thiemens,
1997; and Δ17O = 39.3‰; Vicars & Savarino, 2014) and its mixing relations
with other important tropospheric O bearing atmospheric molecules
including RO2/HO2 (δ

18O ~ 23.5‰ and Δ17O ~ 0‰), H2O (δ18O = −40‰
and Δ17O = 0‰, and OH (δ18O = −80‰ and Δ17O = 0‰; Michalski et al.,
2012).
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highest (45.0 ± 23.6 ng/m3, n = 9) and δ15N(NO3
−) was lowest (−47.0±11.7‰, n = 5; Figure 1), consistent

with other studies in Antarctica (Erbland et al., 2013; Frey et al., 2009; Ishino et al., 2017; Savarino et al.,
2007). Such extremely low values of δ15N(NO3

−) typically are not found inmidlatitudes but apparently occur
only in Antarctica because the chemical and physical processes related to snowpack NO3

− photolysis have a
large N isotope fractionation constant (ε) near−48‰ (Berhanu et al., 2014; Berhanu et al., 2015). This favors
the release of NOx depleted in 15N and can explain the extremely low aerosol δ15N(NO3

−) values found dur-
ing periods of sunlight. The exportation out of the continental ice sheet of this locally produced NO3

− with
extremely low δ15N(NO3

−) values may explain the low δ15N(NO3
−) values observed in the Antarctic Dry

Valleys region (Jackson et al., 2016; Michalski et al., 2005).

During periods of darkness, δ15N(NO3
−) increased to an average of 1.0 ± 6.8‰ (n = 4), reflecting con-

tributions from another source of NO3
− with a higher δ15N end‐member. This source is likely derived

from long‐range transport of continental NO3
− (Lee et al., 2014; Savarino et al., 2007) and/or strato-

spheric NO3
− denitrification (Savarino et al., 2007) during periods of darkness, with estimated

δ15N(NO3
−) values of 2.5±12.5‰ (Elliott et al., 2009; Freyer, 1978; Heaton, 1987) and 19±3‰

(Savarino et al., 2007), respectively. Previous modeling of NO3
− over Antarctica has indicated a low back-

ground level of [NO3
−] during May and July, consistent with our observations (Figure 1; Lee et al., 2014).

This source of NO3
− has been modeled to result from NOx emissions from fossil fuel combustion, soil

emissions, and lightning originating from 25° to 65°S that is transported to Antarctica resulting from
its formation above continental source regions at an altitude of 5–11 km (Lee et al., 2014). Modeling
has also indicated that the slight peak in [NO3

−] during August (Figure 1) may have resulted from the
increasing importance of long‐range transported peroxyacetyl nitrate (PAN) and subsequent thermal
decomposition and influences from stratospheric denitrification (Lee et al., 2014). Both potential sources
are consistent with our measured δ15N(NO3

−) at the South Pole during austral winter. We note that
while δ15N values of PAN are uncertain, as the isotopic fractionation associated with PAN formation
and decomposition are unknown, these values are likely similar to the continental (or anthropogenic)
NO3

− of 2.5±12.5‰ (Elliott et al., 2009; Freyer, 1978; Heaton, 1987).

Table 3
Summary of Average [SO4

2−](TSP), Temperature (Temp), Relative Humidity (RH), Solar Radiation, and [O3] for Each Collection Period Corresponding to SO4
2−

(TSP)
Isotopic Composition Measurement (See Text for Details)

Collection date
Avg [p‐SO4

2−]
(ng/m3) Temp (°C)a RH(%)a

Solar irradiance
(W/m2)a [O3] (ppbv)

a δ34S(±0.3‰) δ18O(±2‰) Δ17O(±0.2‰)

1/26‐2/1 (1) 115.3 −35.2±2.5 71.9±4.3 301.1±36.6 22.6±3.6 18.3 −12.8 0.9
2/1‐2/9 (1) 211.4 −37.2 ±0.9 66.7±1.7 273.7±19.1 22±3.4 17.7 −11.3 0.8
2/9‐2/16 (1) 124.8 −38.7±2.4 69.4±5.4 209.6±34.9 20.8 ±1.1 18.0 −9.1 1.0
2/16‐2/23 (1) 266.3 −39.3±6.2 70.3±5.0 170.1±21.3 20.4±1.0 18.6 −11.6 0.9
2/23‐3/1 (1) 172.8 −46.2±3.7 68.4±6.4 106.7±30 20.5±1.2 18.3 −10.4 0.9
3/1‐3/8 (1) 107.8 −47.4±4.5 69.8±2.5 82.9±18.7 19.8±1.4 18.9 −12.2 0.9
3/8‐3/22 (2) 124.9 −49.3±5.4 69.5±4.3 24.9±15.5 21.4±1.4 18.8 −2.8 1.8
3/22‐4/5 (2) 59.9 −52.9±10 65.8±6.7 1.5±1.8 22.6±0.8 21.2 −3.9 1.2
4/5‐4/19 (2) 47.5 −50.1±9.0 66.6±4.7 0±0 24.1±1.0 18.2 −5.5 1.3
4/19‐5/24 (5) 15.5 −57.9 ±6.0 63.3±4.7 0±0 27.9±2.3 17.4 −0.1 1.2
5/24‐6/28 (5) 17.1 −59.4±8.7 64.1±6.0 0±0 32.3±1.1 13.5 2.7 1.0
6/28‐7/19 (3) 13.0 −53.7±8.8 67±7.7 0±0 34.1±0.7 15.6 7.0 1.1
7/19‐8/2 (2) 16.1 −56.5±8.3 64.9±6.4 0±0 34.4±1.1 13.3 5.0 1.2
8/2‐8/23 (3) 12.5 −55.7±10 65.2±6.1 0±0 34.4±1.3 14.3 6.9 0.8
8/23‐9/13 (3) 18.5 −57.8±7.4 65.2±5.0 0±0 33.4±1.5 12.7 7.6 1.1
9/13‐9/20 (1) 67.1 −54.8±7.6 64.9±3.6 1.2±1.0 32.4±1.0 — 1.5 1.4
9/20‐10/4 (1) 27.9 −59.4±5.5 64.5±4.9 19.2±15.8 32.4±1.6 14.7 0.6 1.6
10/4‐10/11 (1) 44.8 −48.4±6.4 68.9±3.8 62±23.1 33.4±1.2 — 8.5 1.6
10/11‐10/18 (1) 54.9 −55.1±1.8 64.2±2.6 126.6±24.5 30.8±1.2 11.9 −3.2 1.7
10/18‐10/25 (1) 70.5 −49.2±3.8 68.5±4.2 148.3±25.5 31.4±0.8 15.4 −3.6 1.5

Note. Parentheses indicate the number of weekly collected filter samples combined for isotopic analysis.
aData obtained from the South Pole Observatory (NOAA; https://www.esrl.noaa.gov/gmd/dv/data/index.php?site=SPO); reported as x

_
±1σ for the specified col-

lection period.
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4.1.2. Nitrate Δ17O and δ18O
The measured seasonal record of Δ17O(NO3

−) matched closely with that previously reported for NO3
−

aerosols collected at the South Pole in 2003 to 2004 (McCabe et al., 2007), which was attributed to localized
tropospheric oxidation chemistry during austral summer and a combination of stratospheric denitrification
and transported nitrate from the lower latitudes during austral winter. Tropospheric oxidation can result
in Δ17O(NO3

−) values that range from 17.3‰ to 42.3‰, which reflects NOx cycling with O3, RO2 (or
HO2), and reactive halogens (XO; most notably BrO) and subsequent NO2 oxidation that may incorporate
O atoms derived from O3, H2O, and/or OH in the product NO3

− (Michalski et al., 2003; Morin et al., 2009;
Table 1). Elevated Δ17O(NO3

−) values of stratospheric NO3
− are suspected to exist due to elevated strato-

spheric Δ17O(O3) values (Janssen, 2005) in comparison to tropospheric O3 and/or elevated ClONO2 Δ
17O

values (McCabe et al., 2007) when ClONO2 is the dominant source of stratospheric NO3
− during the polar

vortex ((R1) and (R2)):

ClOþ NO2⟶ClONO2; (R1)

ClONO2 þHCl⟶HNO3 þ Cl2: (R2)

This framework is consistent with the measured Δ17O(NO3
−) values that were within the general expected

troposphere Δ17O(NO3
−) range during austral summer, fall, and spring (21.8‰ to 32.4‰), reflecting tropo-

spheric NO3
− formation contributions by NO2 + OH oxidation that tended to be higher during periods of

sunlight due to elevated OH concentrations. The high Δ17O(NO3
−) observed during austral winter

(41.1‰) likely reflected tropospheric nitrate formation dominated by NO3 + RH or halogen hydrolysis
during the absence of sunlight and/or stratospheric denitrification.

To further constrain NO3
− oxidation pathways, we considered δ18O‐Δ17O relations for major tropospheric O

bearing molecules incorporated into NO3
− (Figure 4; Fibiger et al., 2016; Michalski et al., 2012). Here we

assume that the O isotopic composition of NO3
− is derived from a mixture between a high δ18O‐Δ17O

end‐member, O3(terminal) and XO (δ18O = 95–115‰; Johnston & Thiemens, 1997), Δ17O =39.3±2.0‰
(Vicars & Savarino, 2014), and various low δ18O‐Δ17O end‐members including O2/RO2/HO2 (δ18O =
23.5‰, Δ17O = 0‰; Kroopnick & Craig, 1972), H2O (δ18O = −27.5±20‰, Δ17O = 0‰) and OH (δ18O = ‐

70±20‰, Δ17O = 0‰) (Michalski et al., 2012). We note that OH may not attain complete isotopic
equilibrium with H2O vapor in polar regions because of low water mixing ratios (Morin et al., 2007).
If OH maintains some of its O3 character from O(1D), the mixing line between O3 and OH remains the
same, with the O atom incorporated into NO3

− shifted toward O3 (Fibiger et al., 2016). We note that
due to the speculative nature of δ18O values of some of the major O bearing molecules, it can be
difficult to use this to evaluate oxidation pathways quantitatively, but it may provide some additional
qualitative constraints.

From δ18O‐Δ17O relations, austral summer NO3
− tended to mix between O3(term) and OH, indicating that

NO3
− was primarily formed through the NO2 + OH + M→ HNO3 + M oxidation pathway. Elevated [OH]

has been measured during the austral summer at the South Pole (as high as 2.0 × 106 molecules/cm3;
Mauldin et al., 2001). If OH oxidation dominated austral summer NO3

− formation, then based on Δ17Omass
balance, the starting NO2 would have had a Δ17O of 41.4‰, indicating near complete NOx cycling with O3.
This is unrealistic due to the high HOx concentration in austral summer in the interior of Antarctica
(Savarino et al., 2016), indicating that unknown processes appeared to play a substantial role in the atmo-
spheric NO3

− budget during austral summer at the South Pole, which has also been reported for Dome C
(Savarino et al., 2016). Austral fall NO3

− tended to shift toward a mixture involving O3(term) and O2, which
indicates incorporation of O atoms derived from RO2/HO2 during NOx photochemical cycling. This is con-
sistent with model results for the middle to high latitude of the Southern Hemisphere that predicted the
dominant post‐NO2 oxidation pathways include both NO2 + OH (daytime dominant) and NO3 + DMS
(nighttime dominant) pathways (Alexander et al., 2009). Because the South Pole was dark during this period,
(i.e., absence of NOx photochemical cycling), this indicates that some of the NO3

− during austral fall was
derived from long‐range transport, consistent with the δ15N(NO3

−) values measured during this collection
period, conclusions drawn for NO3

− collected during the austral fall at DDU (Savarino et al., 2007), and
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model expectations (Lee et al., 2014). Austral winter δ18O‐Δ17O indicated that all O atoms are derived from
O3(term), indicating that either high end‐member δ18O‐Δ17O tropospheric oxidation pathways (e.g., NO3 +
DMS or XONO2 hydrolysis) played an important role in NO3

− formation or stratospheric denitrification
was important. Finally, austral spring NO3

− tracked between O3(term) and RO2 (or HO2) and OH. We note
that austral springtime mixing relations overlap with O3(term) and H2O mixing, but the N2O5 hydrolysis
pathway was expected to play a minor role over the South Pole during this period (Alexander et al., 2009).
Because of snowpack photolysis returns during this period of constant sunlight, local oxidation was expected
to dominate the NO3

− formed at the South Pole as supported by our δ15N(NO3
−) results. This indicates that

RO2 (and/or HO2) chemistry played an important role in NOx photochemical cycling leading to elevated
localized [O3] (Crawford et al., 2001). Post‐NO2 oxidation was likely a combination of daytime pathways
including NO2 + OH and XONO2 hydrolysis (Alexander et al., 2009). These two pathways have opposite
δ18O‐Δ17O mixing end‐members (e.g., Figure 4) and likely account for the observed midranged NO3

−

δ18O‐Δ17O values during austral spring.

4.2. SO4
2− Seasonal Cycle

4.2.1. δ34S(SO4
2−)(TSP)

Elevated [SO4
2−](TSP) (86.7 ± 73.7 ng/m3, n = 17) occurred during austral summer and fall when biogenic

activity (e.g., DMS emissions) was highest (January–May), which is supported by an average δ34S(SO4
2−)

(TSP) of 18.5±1.0‰ (n = 10) that was indistinguishable from the DMS δ34S value of 18.6±1.9‰ (Patris
et al., 2002; Sanusi et al., 2006). This indicates that the combined influence of DMS oxidation to SO4

2−

and transport to the South Pole during the austral summer and early fall resulted in minimal δ34S isotopic
fractionation. During austral winter (June–August), [SO4

2−](TSP) decreased to a baseline level of approxi-
mately 15.3 ng/m3 that was accompanied by a decrease in the average δ34S(SO4

2−)(TSP) to 14.2 ± 0.9‰
(n = 4). The [SO4

2−](TSP) decrease was a result of substantially less biogenic sulfur production during this
period in the Southern Hemisphere, which is supported by the accompanying decrease in wintertime
δ34S(SO4

2−)(TSP). This indicated a potentially larger SO4
2− contribution from a nonbiogenic source with a

low δ34S(SO4
2−) end‐member value such as transported continental SO4

2− (including volcanic, mineral,
continental biogenic, and anthropogenic sources; Patris et al., 2000; δ34S = 3±3‰; Jenkins & Bao, 2006;
Li & Barrie, 1993; Norman et al., 1999), stratospheric intrusions (δ34S = 2.6±0.3‰; Castleman Jr et al.,
1974), and localized passive volcanic emission of SO2 (δ

34S = 0 to 5‰; Liotta et al., 2012). At the end of
austral winter and early spring (September–October), [SO4

2−](TSP) increased to 29.6 ± 19.0 ng/m3 (n = 7),
and themass‐weighted δ34S(SO4

2−)(TSP) was 13.7 ± 1.4‰ (n= 4), which was lower than that observed during
austral winter. Previous studies in the Southern Ocean have indicated that austral spring‐time SO4

2−
(NSS)

tended to be dominated by DMS emissions (Li et al., 2018). Thus, the increase in SO4
2−

(TSP) during this
period likely reflected the increased emission of DMS, but relatively low δ34S(SO4

2−)(TSP) during this period
again highlights the potential importance of a nonbiogenic SO4

2−
(TSP) source with a low‐end‐member

δ34S(SO4
2−) value.

We note that the relative SO4
2− contribution from sea salt was highest in the interior of Antarctica during

austral winter and spring, with relative contributions of ~33% and ~20% reported for May to August and
September to October compared to only ~8% for November to April, at Dome C (Hill‐Falkenthal et al.,
2013). A potentially higher contribution from sea salt SO4

2− cannot explain the lower δ34S(SO4
2−) values

observed during austral winter and spring based on mass balance alone because it has a high end‐member
δ34S value of 21±0.1‰ (Rees et al., 1978), indicating the potential increased importance of a nonbiogenic
nss‐SO4

2− source with a low δ34S value. However, previous work in the interior of Antarctica (Concordia)
has shown that biogenic‐derived SO4

2− dominated the nss‐SO4
2− budget year‐round with a contribution

from a nonbiogenic nss‐SO4
2− source of no more than 1 ng/m3 during austral fall and austral winter and

5 ng/m3 during austral spring (Legrand et al., 2017). If these contributions are similar at the South Pole, it
would have represented approximately 6.5% and 16.9% of [SO4

2−](TSP) during austral winter and spring,
respectively. Assuming an average δ34S of 19.9‰ for the marine‐derived SO4

2− sources (e.g., DMS and sea
salt) and 0‰ for nonmarine (or nonbiological nss‐SO4

2−) sources (e.g., anthropogenic, stratosphere, and vol-
cano) and applying δ34S(SO4

2−) mass balance (equation (3)), this would indicate an expected δ34S(SO4
2−)

(TSP) value of 18.6‰ and 16.5‰ during austral winter and spring, respectively.
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δ34S SO2−
4

� �
TSP ¼ fMarine δ34S SO2−

4

� �� �
Marine þ fNonmarine δ34S SO2−

4

� �� �
Nonmarine (3)

where δ34S(SO4
2−)(TSP) was the measured value and fMarine and fNonmarine refer to the fraction of SO4

2−
(TSP)

derived from marine (e.g., DMS and sea salt) and nonmarine (e.g., nonbiological nss‐SO4
2− including

anthropogenic, stratospheric, and/or volcanoes) sources, respectively. These estimated values are higher
than the observed values of 14.2 ± 0.9‰ (n = 4) and 13.7 ± 1.4‰ (n = 4) during these periods, respectively.
This indicates that either the contribution of nonmarine (or nonbiogenic nss‐SO4

2−) was higher at the South
Pole or there was a substantial δ34S isotope effect during oxidation and/or transport to the South Pole during
these periods. Back‐calculating the fNonmarine (equation (3)) would indicate a relative contribution of a non-
biological nss‐SO4

2‐ source of 28.6% and 31.1% to match the measured δ34S(SO4
2−)(TSP), representing

approximately 4.4 and 9.2 ng/m3 during austral winter and spring, respectively. While these values are much
larger than reported for Concordia (Legrand et al., 2017), they are within estimated upper limits for the inter-
ior of Antarctica of 6 ng/m3 during austral winter and 11 ng/m3 during austral summer (Hill‐Falkenthal
et al., 2013; we note that the expected upper limit for austral fall was not estimated but should be between
6 and 11 ng/m3). This result highlights potential differences in the SO4

2− budget in the interior of
Antarctica; however, we note that this calculation implies no δ34S fractionation during oxidation to SO4

2−

and/or transport to the South Pole. Additional work is warranted to further diagnose the seasonal contribu-
tions to SO4

2− budget at the South Pole. Nonetheless, while there may have been some uncertainties in the
relative contribution of nonbiogenic nss‐SO4

2− to the South Pole, the year‐round elevated δ34S(SO4
2−) indi-

cated the dominant role of DMS emissions and its subsequent oxidation and transport to the overall SO4
2−

budget at the South Pole. This finding is consistent with previous studies in the interior of Antarctica
(Legrand et al., 2017).
4.2.2. Δ17O(SO4

2−)(TSP)
The measured Δ17O(SO4

2−)(TSP) values at the South Pole had a somewhat similar seasonal cycle as reported
at Dome C (Figure 2). Typically, lowest values were observed during austral summer (Δ17O = 0.9±0.1‰; n=
5) and during austral winter (1.0±0.2‰; n = 4) reflecting greater contributions from OH, H2O2, and HOBr
(or HOCl) oxidation pathways (Figure 2). Highest Δ17O values occurred during austral fall (1.3 ± 0.3‰, n =
6) and austral spring (1.6±0.1‰, n = 5). These Δ17O values are greater than 1‰, indicating contributions
from aqueous O3 oxidation. The maximum contribution from S (IV) + O3 oxidation for each SO4

2− sample
was calculated assuming no contribution from H2O2 (equation (4); Chen et al., 2016):

f O3;max
¼ Δ17Oobs SO2−

4

� �
Δ17O SO2−

4

� �
O3

; (4)

where Δ17O(SO4
2−)O3 = 9.9‰. In a similar manner, the minimum contribution from O3 oxidation was esti-

mated assuming that H2O2 is the only other oxidation pathway (equation (5); Chen et al., 2016):

f O3;min
¼

Δ17Oobs SO2−
4

� �
−Δ17O SO2−

4

� �
H2O2

Δ17O SO2−
4

� �
O3
−Δ17O SO2−

4

� �
H2O2

; (5)

where Δ17O(SO4
2−)H2O2 = 0.8‰ (Table 1). This yielded an estimated O3 contribution range (minimum to

maximum) of 0.02–0.09, 0.06–0.13, 0.04–0.11, and 0.10–0.16 for austral summer, fall, winter, and spring,
respectively. Thus, O3 oxidation appeared to have played the largest role during austral spring and smallest
role during austral summer. A relatively minor contribution from O3 oxidation during austral summer was
not surprising given the strong role of HOx chemistry and HOX during this period.We note that our estimate
of fO3 for wintertime SO4

2−
(TSP) might be influenced by a possible higher contribution during this period

from ss‐SO4
2−with aΔ17O= 0‰, which we cannot accurately evaluate with our data set. Assuming a similar

ss‐SO4
2− contribution in our samples as found at Dome C in austral winter of ~0.33, our estimated fO3 range

increased to 0.09–0.16.

5. Conclusions

Aerosol samples were collected over a 10‐month period at the South Pole in 2002, and a combination of con-
centration and isotopic analysis was used to evaluate the dynamics of NO3

− and SO4
2−

(TSP). NO3
− variations

10.1029/2019JD030517Journal of Geophysical Research: Atmospheres

WALTERS ET AL. 8173



were found to be driven by seasonal snowpack photolysis that resulted in elevated [NO3
−] with low

δ15N(NO3
−) values (−47.0±11.7‰, n = 5) because of localized atmospheric recycling during periods of sun-

light at the South Pole. The seasonal cycle of Δ17O(NO3
−) at the South Pole indicated tropospheric chemistry

dominated NO3
− formation year‐round with possible stratospheric denitrification contributions during

austral winter. Seasonal [SO4
2−](TSP) had some similarities with [NO3

−], with the highest values observed
during austral summer and lowest values during austral winter. Summertime elevated [SO4

2−](TSP)
appeared to be derived from transported biogenic sulfur emissions as indicated by δ34S(SO4

2−)(TSP) of
18.5±1.0‰ (n = 10) that is similar to the marine biogenic δ34S value. Values of Δ17O(SO4

2−)(TSP) were
approximately uniform year‐round (0.8‰ to 1.8‰), with highest values observed during austral fall and
spring. The seasonal variation in Δ17O(SO4

2−)(TSP) is influenced by changes in oxidation chemistry as well
as potentially larger relative contributions from ss‐SO4

2− during austral winter.

The observed seasonal cycles in the isotopic compositions of NO3
− and SO4

2− were similar to those pre-
viously observed in the interior of Antarctica including South Pole, Dome C, on the East Antarctic, and at
the coast at DDU. This is an important finding and indicates that the atmosphere and the snowpack chem-
istry involving NO3

− and SO4
2− tend to behave uniformly across the plateau and that a regional signal can be

expected from ice core measurements in Antarctica. Characterization of regional processes will enable
further understanding of NO3

− and SO4
2− connections with climate feedback processes on both short and

long time scales, as direct anthropogenic inputs derived from continental long‐range transport tended to
play aminor role on the overall NO3

− and SO4
2− budgets in the interior of Antarctica. While these are poten-

tially important findings, we note that isotope data for both NO3
− and SO4

2− are still relatively limited in
Antarctica. Further analysis is needed, including multiple yearlong investigations of NO3

− and SO4
2− in

aerosol samples across several sites. Recent methodological developments have substantially reduced the
sample requirements for isotopic analysis, particularly for NO3

−, which will increase our ability to further
diagnose its temporal variabilities in the Antarctic plateau.
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